
1. Introduction
Earth's climate during the late Pleistocene is characterized by the advance and retreat of large continental ice sheets 
on ∼100,000-year timescales. While it has long been known that changes in insolation pace glacial-interglacial 
cycles (Hays et al., 1976; Imbrie et al., 1992, 1993), internal climate system mechanisms are required to explain 
the full magnitude of glacial-interglacial cycle variability (Cheng et al., 2009; Shakun et al., 2012; Sigman & 
Boyle, 2000). Abrupt increases in global mean sea level, temperature, and atmospheric pCO2 during deglacia-
tions are particularly difficult to explain given low frequency changes in insolation. The most recent deglaciation, 
or Termination I (TI; 10–18 kyr BP), was marked by a 120–130 m rise in global sea level (Clark et al., 2009), a 
6–7°C warming of global mean surface temperature (Osman et al., 2021; Tierney et al., 2020), and an 80 ppmv 
increase in atmospheric CO2 (Marcott et al., 2014) (Figure 1). Models forced with insolation alone yield relatively 
modest changes in Earth's climate, indicating internal mechanistic feedbacks are required to explain deglaciations 
(Shakun et al., 2012). An improved understanding of the mechanisms that drive deglaciation can be achieved 
by reconstructing and comparing key climate system parameters across multiple glacial-interglacial transitions.

The Atlantic Meridional Overturning Circulation (AMOC) likely plays a central role in triggering deglaciations. 
In the North Atlantic region, TI began with Heinrich Stadial 1 (HS1; 17.5–14.5 kyr BP), followed by abrupt 
warming into the Bølling Allerød (BA; 14.7–12.7 kyr BP), a return to glacial-like conditions during the Younger 
Dryas (YD; 12.8–11.7  kyr BP), and subsequent warming into the Holocene (Cheng et  al.,  2020; Lourantou 
et al., 2010; Monnin et al., 2001; Rasmussen et al., 2006). The TI pattern is due to AMOC weakening during 
HS1, strengthening during the BA, and weakening once again during the YD (Chen et  al.,  2015; McManus 
et al., 2004). Simulated collapse of the AMOC increases the residence time of mid-depth waters, leading to the 
accumulation of isotopically light respired carbon, which yields δ 13C anomalies in the North and South Atlantic 
(Gu et al., 2021; Schmittner & Lund, 2015). Consistent with model results, widespread negative δ 13C anomalies 
occurred in the mid-depth (1,500–2,500 m) Atlantic during HS1, with the largest signals observed in the North 
Atlantic and progressively smaller anomalies to the south (McManus et al., 1999; Oppo et al., 2015; Praetorius 
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anomalies during Termination II (TII) and the smaller deglaciations of Marine Isotope Stages (MIS) 4/3, 
5b/a, and 5d/c, suggesting AMOC weakening is a common feature of deglaciation. The anomalies are more 
pronounced in the shallower core following MIS 2, 4, and 6 and in the deeper core following MIS 5b and 5d. 
The depth-dependent pattern is most likely due to shoaling of Northern Source Water during glacial maxima 
and deepening during interglacial intervals. Comparison of 𝐴𝐴
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 records from TI and TII suggests similar 
levels of carbon accumulation in the mid-depth Atlantic. The Brazil Margin δ 13C and 𝐴𝐴
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 results indicate 
the AMOC plays a key role in the series of events causing deglaciation, regardless of differences in orbital 
configuration, ice volume, and mean global temperature.
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et al., 2008; Rickaby & Elderfield, 2005; Tessin & Lund, 2013). Reconstructions of B/Ca, a proxy for seawater 
carbonate ion concentration (𝐴𝐴

[

CO3
2−
]

 ), are consistent with accumulation of respired carbon during HS1, with 
larger negative 𝐴𝐴

[

CO3
2−
]

 anomalies occurring in the North Atlantic than in the South Atlantic (Lacerra et al., 2017; 
Yu et al., 2010). Together, 𝐴𝐴

[

CO3
2−
]

 and δ 13C can be used to assess AMOC variability and its role in deglaciations.

AMOC weakening also occurred during Termination II (TII) (125–135 ka), but with a different structure. Unlike 
TI,  231Pa/ 230Th and δ 13C records suggest AMOC was weak throughout much of TII and did not recover until 
the following interglacial interval (Böhm et al., 2015; Deaney et al., 2017; Oppo et al., 1997; Venz et al., 1999). 
Several mechanisms have been proposed to explain the lack of a BA-like event during TII. Higher boreal summer-
time insolation and greater ice melt may have suppressed the AMOC throughout TII (Carlson, 2008; Deaney 
et al., 2017; Obase et al., 2021). Or the lack of AMOC recovery may be the result of a positive feedback, where 

Figure 1. Key climate parameters for the past 150 ka. (a) Global benthic δ 18O stack (Lisiecki & Stern, 2016), reflecting changes in ice volume and mean deep 
ocean temperature. (b) Insolation, June 21 at 65°N (Laskar et al., 2004; Tzedakis et al., 2017). (c) Sea level records from three independent age models and methods. 
Purple curve is based on Red Sea planktonic δ 18O (Grant et al., 2012; Rohling et al., 2009), green curve is from a global stack of planktonic δ 18O and SST records, 
where the age model is based on LR04 (Shakun et al., 2015), orange curve is based on benthic δ 18O and a SPECMAP-derived age model corrected using coral U-Th 
dates during Termination II (Waelbroeck et al., 2002). (d) Composite atmospheric pCO2 record from Bereiter et al. (2015), with records from Rubino et al. (2013), 
MacFarling Meure et al. (2006), Monnin et al. (2001, 2004), Marcott et al. (2014), Ahn and Brook (2014), Bereiter et al. (2012), and Schneider et al. (2013). 
Deglaciations are identified by gray vertical bars with MIS labels at top.
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a weaker AMOC causes sub-surface warming, which in turn accelerates ice sheet melt and freshwater forcing 
(Clark et al., 2020; Marcott et al., 2011). A larger Eurasian ice sheet during TII with low elevation mass suscep-
tible to oceanic forcing may have also supplied more meltwater to the North Atlantic, suppressing the AMOC 
(Clark et al., 2020). Consistent with this idea, sea level rose more quickly during TII than TI and it was higher 
during the last interglacial period (Clark et al., 2020; Dyer et al., 2021) (Figure 1). Thus, AMOC weakening 
appears to play a central role in the timing and structure of the last two glacial terminations.

The deglaciations during Marine Isotope Stage (MIS) transitions 4/3, 5b/a, and 5d/c provide further opportunities 
to investigate the link between ice sheet retreat and the ocean circulation. Compared to Terminations I and II, the 
three smaller deglaciations were characterized by relatively modest changes in δ 18O, sea level, and atmospheric 
pCO2 (Figure 1). They also occurred when atmospheric pCO2 and global ice volume were at intermediate levels, 
while TI and TII began when pCO2 and sea level were at their lowest values of the last 150 ka. Taken together, the 
five most recent deglaciations occurred under a range of climate boundary conditions; the only common factor 
between them is increasing boreal summertime insolation (Hays et al., 1976; Imbrie et al., 1992) (Figure 1). It has 
been hypothesized that northern hemisphere warming and ice melt caused freshening of the North Atlantic and 
subsequent weakening of the AMOC, which may have in turn promoted further deglaciation through subsurface 
oceanic warming and ice shelf collapse (Clark et al., 2020). A key prediction of this hypothesis is that AMOC 
weakening should be common feature of all deglaciations. Here we evaluate AMOC variability using new benthic 
δ 13C and B/Ca records from the mid-depth Brazil Margin spanning the time interval from 50 to 150 ka. Given that 
δ 13C and B/Ca are qualitative tracers of AMOC variability, we are unable to quantify changes in AMOC strength 
during deglaciations. However, prior work at the Brazil Margin has shown that negative anomalies in δ 13C and 

𝐴𝐴
[

CO3
2−
]

 during HS1 are due to accumulation of respired carbon in the mid-depth Atlantic, consistent with the 
simulated pattern due to AMOC weakening (Gu et al., 2021; Hertzberg et al., 2016; Lacerra et al., 2017, 2019; 
Schmittner & Lund,  2015). When used in conjunction with kinematic proxies such as  231Pa/ 230Th, δ 13C and 

𝐴𝐴
[

CO3
2−
]

 can be used to infer intervals of AMOC weakening and associated changes in carbon cycling.

The cores used in this study are KNR159-5-79JPC (1,830 m, 27.49°S, 46.33°W) and KNR159-5-42JPC (2,296 m, 
27.76°S, 46.03°W). Today the deeper core site is bathed primarily in North Atlantic Deep Water (NADW) while 
the shallower site is bathed in a combination of NADW and Upper Circumpolar Deep Water (Figure 2). For the 
remainder of the paper, we refer to deep water originating from the North Atlantic as Northern Source Water 
(NSW), rather than NADW or Glacial North Atlantic Intermediate Water, the latter being specific to the Last 
Glacial Maximum (LGM) interval. Vertical profiles of δ 13C from the Brazil Margin indicate the core of NSW 
was located near 2,500 m during the Holocene, while during the LGM it was located near 1,800 m (Curry & 
Oppo, 2005; Lund et al., 2015). Therefore, the two cores are ideally suited to track changes in NSW properties 
across glacial-interglacial periods. Mid-depth 𝐴𝐴

[

CO3
2−
]

 and δ 13C records from the Southwest Atlantic have already 

Figure 2. Locations of the cores used in this study (red circles) overlain on the World Ocean Circulation Experiment A17 𝐴𝐴
[

CO3
2−
]

 section (Schlitzer, 2015). Major 
watermasses include high 𝐴𝐴

[

CO3
2−
]

 North Atlantic Deep Water and low 𝐴𝐴
[

CO3
2−
]

 Upper Circumpolar Deep Water and Antarctic Bottom Water (AABW). Contour intervals 
are 10 μmol/kg. Location of the A17 section is shown on inset map.
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been generated for the last deglaciation (Lacerra et al., 2017; Tessin & Lund, 2013), so the records presented here 
allow for direct comparison of the last two terminations and smaller deglaciations of the last 150 kyr.

2. Methods
2.1. Core Sampling and Stable Isotopes

Samples were taken at varying depths in cores 79JPC and 42JPC to achieve an average temporal resolution of 
2–3 kyr. Sediment samples were freeze dried, washed over a 63 μm sieve and dried at 40°C. Each sample was picked 
for the benthic foraminifer Cibicidoides wuellerstorfi (>250 μm size fraction) using a binocular microscope. The 
specimens were analyzed for δ 18O and δ 13C using standard procedures (Ostermann & Curry, 2000). Samples were 
run on a Thermo MAT 253 triple collector stable isotope ratio mass spectrometer coupled to a Kiel IV carbonate 
preparation device at the Stable Isotope Laboratory at the University of Michigan. Data were converted to Vienna 
Pee Dee Belemnite (VPDB) using NBS 19 (n = 48, δ 13C = 1.96 ± 0.04, δ 18O = −2.18 ± 0.08‰) and NBS 18 
(n = 13, δ 13C = −5.01 ± 0.05, δ 18O = −22.97 ± 0.09‰). The Atlantis II standard (n = 26, δ 13C = 0.91 ± 0.06, 
δ 18O = 3.45 ± 0.06‰) was also used to monitor the heavier δ 18O values associated with this study. All stable 
isotope analyses were performed on individual shells to facilitate identification of samples affected by bioturbation.

2.2. Age Models

The age models for cores 79JPC and 42JPC are based on oxygen isotope stratigraphy. Benthic δ 18O records 
were aligned with the Lisiecki and Stern (2016) (LS16) δ 18O stack for the deep South Atlantic (2,000–5,000 m; 
70°S–0; 70°W–30°E). Compared to LR04 (Lisiecki & Raymo, 2005), the LS16 stack improves on age control 
during TII, MIS 5, and MIS 4 by using more recent sea level reconstructions (Lisiecki & Stern, 2016). Records 
were aligned with LS16 by matching the relative amplitudes of the δ 18O peaks and tie points were chosen at 
intervals where the rate of δ 18O change is greatest. The number of age model tie points were minimized to avoid 
over-tuning; for cores 79JPC and 42JPC, we used eight tie points for the 50–150 kyr interval (Figure 3). Simple 
linear interpolation was used to determine ages for samples between each tie point. Sedimentation rates in the 
sampled sections range from ∼2 to 15 cm/kyr for both cores (Figure 3). Sedimentation rates are higher during 
glacial periods (e.g., MIS 4 and 6) and lower during interglacial intervals (e.g., MIS 5). The pattern is consistent 
with the sedimentation rate differences between the LGM and Holocene in other Brazil Margin cores (Shub 
et al., 2024).

2.3. B/Ca Analysis

An average of 5 C. wuellerstorfi tests were used for each B/Ca analysis. Following the procedure outlined in Yu 
and Elderfield (2007), samples were crushed between two slides under a microscope to confirm each chamber 

Figure 3. Age models and sedimentation rates for KNR159-5-79JPC/KNR159-5-78GGC and KNR159-5-42JPC 
from 0 to 150 ka (Shub et al., 2024). Left: Age models are based on oxygen isotope stratigraphy (closed symbols) and 
radiocarbon-based calendar ages (open symbols). Right: Implied sedimentation rates based on each age model. Vertical gray 
bars denote glacial marine isotope stages. Note that sedimentation rates tend to be higher during glacial intervals.
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was ruptured to facilitate more complete cleaning. All subsequent steps were performed in a laminar flow hood to 
minimize sample contamination. Crushed samples were washed into 600 μL centrifuge tubes with Milli-Q water 
and sonicated for 45 s to bring clays into suspension. The resulting supernatant was then siphoned out and the 
procedure was repeated 1–2 times depending on the amount of clay present. The same procedure was repeated 
twice with methanol until the supernatant was clear after sonication. After the methanol rinsing steps, the sample 
was rinsed one final time with Milli-Q water. Samples were then viewed under a microscope to identify and 
remove any foreign materials with a dual-haired brush. The samples were oxidatively cleaned to remove organic 
matter using a buffered H2O2 solution (100 μl 30% v/v H2O2 + 10 ml 0.1 M NaOH). Reductive cleaning was not 
performed as this cleaning step was shown to be unnecessary in B/Ca analysis (Yu & Elderfield, 2007). Samples 
were then leached using a weak acid solution of 0.001 M HNO3.

After the cleaning procedure was complete, samples were dissolved in 500 μl of 2% HNO3 before being analyzed 
for B/Ca on an Element-2 ICP-MS and ESI SC-2DX autosampler in the UConn Avery Point Paleoclimate Labo-
ratory. Each sample was matrix matched to the calcium concentration of the standard used in the final analysis 
to avoid any matrix effects resulting for sample-standard mismatches. Lacerra et al. (2019) showed that matrix 
effects have a minimal influence on B/Ca analyses in the range of calcium concentrations relevant for this study. 
Nonetheless, the majority of samples were matrix matched to 100 ppm standards, typically within 10 ppm. Occa-
sionally, smaller samples were separately matched to standards at 50–60 ppm to minimize any matrix effects.

2.4. Conversion to 𝑨𝑨
[

CO𝟑𝟑
𝟐𝟐𝟐
]

 and ∑CO2 From B/Ca

In order to convert down-core variations in B/Ca to 𝐴𝐴
[

CO3
2−
]

 , it is first necessary to calculate the modern 𝐴𝐴
[

CO3
2−
]

 
for each core site. Modern carbonate ion values were estimated using the potential temperature, salinity, 𝐴𝐴

[

PO4
3−
]

 , 
𝐴𝐴

[

SiO3
2−
]

 , average alkalinity, and average ∑CO2 data listed in Table 1. Hydrographic parameters for 79JPC are 
based on those for the companion gravity core 78GGC (Lacerra et  al., 2017). For 42JPC, potential tempera-
ture and salinity were estimated using CTD data from cruise KNR159-5 while 𝐴𝐴

[

PO4
3−
]

 and 𝐴𝐴
[

SiO3
2−
]

 were esti-
mated from World Ocean Circulation Experiment (WOCE) Atlas Volume 3, section A10 which intersects the 
Brazil Margin at 28°S (Koltermann et al., 2011, http://sam.ucsd.edu/whp_atlas/atlantic/a10/sections/sct_menu.
htm). Average alkalinity and average ∑CO2 were estimated using data from the WOCE station at 43.58°W and 
28.83°S. We used only alkalinity and ∑CO2 values where potential densities were within 0.05 kg/m 3 of the 
core site to account for sloping isopycnals at the Brazil Margin, similar to Lacerra et al. (2017). 𝐴𝐴

[

CO3
2−
]

 for the 
42JPC and 79JPC sites was estimated using the hydrographic parameters in Table 1 and CO2sys_v2.1 (Pierrot 
et al., 2006, https://cdiac.ess-dive.lbl.gov/ftp/co2sys/).

B/Ca is a proxy for the degree of carbonate ion saturation, making it necessary to estimate the modern satu-
rated carbonate ion concentration defined as: 𝐴𝐴

[

CO3
2−
]

sat
=
[

CO3
2−
]

∕Ωcalcite , where 𝐴𝐴 Ωcalcite is calculated using 
CO2sys_v2.1. Downcore estimates of 𝐴𝐴

[

CO3
2−
]

 were determined using the global core top calibration for C. wuel-
lerstorfi: 𝐴𝐴 B∕Ca = 1.14 ×

([

CO3
2−
]

−
[

CO3
2−
]

sat

)

+ 177 (Yu & Elderfield, 2007), which has a calibration uncer-
tainty of ±5 μmol/kg (Yu & Elderfield, 2007). ∑CO2 can then be estimated using the empirical relationship: 

𝐴𝐴
∑

CO2 ≈ ALK −
[

CO3
2−
]

∕0.6 (Yu et al., 2016). Given that 𝐴𝐴
[

CO3
2−
]

 is affected by alkalinity and ∑CO2, both 
parameters need to be considered when interpreting down-core reconstructions of 𝐴𝐴

[

CO3
2−
]

 .

3. Results
3.1. Stable Isotopes

Benthic δ 18O results for both the shallower core (1,800  m) and deeper core (2,300  m) outline the expected 
glacial-interglacial pattern for 50–150 ka (Figure 4). In each core, TII is identified by an abrupt decrease in δ 18O 

Core
Water depth 

(m)
Potential 
temp (°C) Salinity

𝐴𝐴
[

PO4
3−
]

 
(μmol/kg)

𝐴𝐴
[

SiO3
2−
]

 
(μmol/kg)

Avg. ALK 
(μmol/kg)

Avg. ΣCO2 
(μmol/kg)

𝐴𝐴
[

CO3
2−
]

 
(μmol/kg)

79JPC 1,830 3.81 34.90 1.7 30 2,310 2,185 93.4

42JPC 2,296 2.91 34.94 1.5 35 2,313 2,175 99.3

Table 1 
Hydrographic Parameters Used to Estimate Modern 𝐴𝐴

[

CO3
2−
]

 at the Two Core Sites
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starting at ∼138 ka, which reflects the combined influence of a ∼120 m rise in sea level (Grant et al., 2012; 
Shakun et al., 2015; Waelbroeck et al., 2002) and deep sea temperature increase of ∼3°C (Cutler et al., 2003). 
By comparison, sea level rose by only ∼25–45 m during the smaller deglaciations of MIS 5d/c and 5b/a (Grant 
et  al.,  2012; Shakun et  al.,  2015; Waelbroeck et  al.,  2002) and deep-sea temperatures rose by ∼1°C (Cutler 
et al., 2003). The long-term trend of increasing δ 18O after TII represents the buildup of continental ice sheets and 
decreasing deep-sea temperature leading into the LGM.

The Brazil Margin benthic δ 13C results are characterized less by long-term trends and more by abrupt negative 
anomalies on deglaciations. During TII, δ 13C decreased by 0.46 ± 0.14‰ at 1,800 m (Figure 4), where the anom-
aly is calculated by differencing mean values for MIS 6 and the interval of deglaciation (Table 2). The lack of a 
δ 13C anomaly at 2,300 m is likely because the core of NSW was shallower during the preceding glacial interval 
(i.e., MIS 6). At 1,800 m, δ 13C nearly recovers to MIS 6 values by the end of MIS 5e. At 2,300 m, δ 13C is higher at 
the end of MIS 5e than MIS 6, likely due to deepening of  13C-enriched NSW during TII. At the MIS 5d/c deglaci-
ation, there is a negative δ 13C anomaly at 2,300 m but not at 1,800 m. At 1,800 m, δ 13C decreased from MIS 5e to 
5d, then increased during MIS 5c and b, reaching a maximum value at ∼93 ka. During the MIS 5b/a deglaciation, 
δ 13C decreased by 0.76 ± 0.03‰ at 2,300 m and then recovered to MIS 5b levels by ∼80 ka. Benthic δ 13C also 
decreased by 0.54 ± 0.12‰ at 1,800 m, but the values did not immediately recover to pre-deglacial values, unlike 
the pattern at 2,300 m. Finally, during the MIS 4/3 transition, there is a small (∼0.2‰) decrease in δ 13C at 2,300 m, 
superimposed on the very low δ 13C background values during MIS 4. At 1,800 m, δ 13C gradually decreased during 
MIS 4 and then showed an abrupt negative anomaly of ∼0.4‰ at the MIS 4/3 transition. The largest negative 
shift in δ 13C in either record occurred at the beginning of MIS 4 at 2,300 m (−0.95 ± 0.10‰). In contrast, δ 13C at 
1,800 m showed little change, highlighting the large vertical gradient in δ 13C at ∼2 km water depth during MIS 4.

3.2. 𝑨𝑨
[

CO𝟑𝟑
𝟐𝟐𝟐
]

 

Unlike the δ 13C records, the 𝐴𝐴
[

CO3
2−
]

 results reveal negative anomalies at both water depths during TII. At 2,300 m, 
𝐴𝐴

[

CO3
2−
]

 decreased by 23 ± 3 μmol/kg (Figure 4). The TII signal at 1,800 m is more difficult to estimate. Due to 

Figure 4. Benthic foraminiferal δ 18O, δ 13C, and 𝐴𝐴
[

CO3
2−
]

 results from 50 to 150 ka. (a, d) δ 18O times series for 1,800 m and 2,300 m water depth, respectively. (b, e) 
δ 13C times series. (c, f) B/Ca (right axis) and derived 𝐴𝐴

[

CO3
2−
]

 (left axis). In each panel, the black line is a 3-point running average, the purple line represents the average 
at each stratigraphic level, and the gray envelope is the standard error on the running mean. Vertical gray bars denote each deglaciation, with MIS labels on top x-axes.
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the sparsity of C. wuellerstorfi shells between 120 and 130 ka, the MIS 5e 𝐴𝐴
[

CO3
2−
]

 value is based on one data 
point at ∼133 ka. The difference between this point and the MIS 6 average (n = 3) yields a 𝐴𝐴

[

CO3
2−
]

 decrease of 
26 ± 1 μmol/kg, similar to that observed during HS1 at this depth (Lacerra et al., 2017). The TII 𝐴𝐴

[

CO3
2−
]

 signal 
is much smaller (−15 ± 4 μmol/kg) if the three points near 135 ka are included, but these points do not represent 
full interglacial 𝐴𝐴

[

CO3
2−
]

 conditions. Regardless of which 𝐴𝐴
[

CO3
2−
]

 signal is used, the results clearly show nega-
tive carbonate ion anomalies occurred in both cores during TII, with the 𝐴𝐴

[

CO3
2−
]

 decline at 1,800 m leading the 
decline at 2,300 m by ∼3–5 ka.

The two cores show similar long-term 𝐴𝐴
[

CO3
2−
]

 trends during MIS 5 but contrasting behavior during the MIS 
5d/c and 5b/a transitions. In both cores, 𝐴𝐴

[

CO3
2−
]

 remains low throughout MIS 5e, about 90 μmol/kg at 2,300 m 
and 85 μmol/kg at 1,800 m. At 2,300 m, negative 𝐴𝐴

[

CO3
2−
]

 anomalies occur at MIS 5d/c (−18 ± 1 μmol/kg) and 
5b/a. We refrain from calculating the magnitude of the MIS 5b/a anomaly because the deglacial interval consists 
of a single data point. At 1,800 m, there is no clear negative 𝐴𝐴

[

CO3
2−
]

 anomaly during MIS 5d/c, similar to the 
δ 13C record (Table 2). Instead, the 𝐴𝐴

[

CO3
2−
]

 record shows a slight positive anomaly. The MIS 5b/a transition also 
lacks a 𝐴𝐴

[

CO3
2−
]

 anomaly at 1,800 m. The 𝐴𝐴
[

CO3
2−
]

 trend appears to be positive but the low temporal resolution and 
high variability preclude any definitive statements about the trend. The absence of negative 𝐴𝐴

[

CO3
2−
]

 anomalies 
at 1,800 m during MIS 5 is likely because the core of NSW was located closer to 2,300 m (Shub et al., 2024).

The two 𝐴𝐴
[

CO3
2−
]

 time series show divergent patterns during MIS 4. At 2,300 m, 𝐴𝐴
[

CO3
2−
]

 decreased 26 ± 6 μmol/
kg from MIS 5a into MIS 4, reaching a minimum of ∼85 μmol/kg. Benthic δ 13C at 2,300 m also decreased by 
∼1‰, reaching the lowest value in the entire record (0.06 ± 0.06‰) (Figure 4). In contrast, 𝐴𝐴

[

CO3
2−
]

 and δ 13C 
remained relatively high at 1,800 m, with 𝐴𝐴

[

CO3
2−
]

 reaching its highest value throughout the record, though 𝐴𝐴
[

CO3
2−
]

 
is variable throughout MIS 4. At the MIS 4/3 transition (59–62 ka), 𝐴𝐴

[

CO3
2−
]

 decreased by 16 μmol/kg, paired with 
a decrease in δ 13C at 1,800 m, while at 2,300 m, 𝐴𝐴

[

CO3
2−
]

 increased, reaching a concentration similar to MIS 5a. 
Overall, our results show paired negative 𝐴𝐴

[

CO3
2−
]

 and δ 13C anomalies in at least one core during TII, MIS 5d/c, 
MIS 5b/a, and MIS 4/3.

4. Discussion
4.1. Evidence for AMOC Weakening During TI and TII

The similar timing and magnitude of δ 13C anomalies during TI and TII imply there was a common driving 
mechanism. Several ideas have been proposed to explain the δ 13C signal during TI, including: (a) greater brine 
formation in the Nordic Seas, which may impart a  13C-depleted signature on NSW (Dokken & Jansen, 1999; 
Thornalley et  al.,  2010), (b) temperature-dependent equilibration with the atmospheric CO2 (Lynch-Stieglitz 
et  al.,  1995,  2019), (c) greater incursion of low δ 13C Antarctic Intermediate Water (AAIW) (Rickaby & 
Elderfield, 2005), and (d) weakening of AMOC (Gu et al., 2021; Schmittner & Lund, 2015). Given that mid-depth 
(1,500–2,500  m) δ 13C anomalies lead those in the surface ocean and atmosphere, the atmospheric driver is 
unlikely (Lund et al., 2019). Evidence for reduced spatial extent of AAIW during the last deglaciation is also 
inconsistent with the δ 13C anomalies being caused by increased influence of AAIW (Xie et al., 2012). The most 
likely explanation is weakening of the AMOC; model results indicate that AMOC collapse causes accumulation 
of isotopically light respired carbon in the mid-depth Atlantic (Gu et al., 2021; Schmittner & Lund, 2015). Nega-
tive δ 13C anomalies are highly correlated with older ventilation ages, indicating that increased residence time of 
NSW allows for the accumulation of respired carbon (Gu et al., 2021).

If AMOC weakening also occurred during TII, we should observe negative B/Ca and δ 13C anomalies at the 
Brazil Margin. At 1,800 m, 𝐴𝐴

[

CO3
2−
]

 and δ 13C decreased by ∼26 μmol/kg and 0.46‰, respectively (Table 2). 
At 2,300 m, 𝐴𝐴

[

CO3
2−
]

 decreased by ∼23 μmol/kg, while there is no clear δ 13C anomaly. Therefore, the records 
at 1,800 m are consistent with AMOC weakening during TII. The lack of paired anomalies at 2,300 m is likely 
due to the shallower position of NSW during MIS 6, when the core of NSW, identifiable as a local maximum 
in vertical δ 13C profiles, was centered at ∼1,800 m (Figure 5) (Curry & Oppo, 2005; Hoffman & Lund, 2012; 
Shub et al., 2024). The shallower core site is therefore better suited for recording changes in NSW during glacial 
terminations. Nonetheless, the record at 2,300 m shows a 𝐴𝐴

[

CO3
2−
]

 anomaly, which is likely due to changes in 
preformed dissolved inorganic carbon (DIC). Atmospheric pCO2 concentration increased by ∼90 ppm during TII, 
which would increase preformed DIC, resulting in lower 𝐴𝐴

[

CO3
2−
]

 at the Brazil Margin. At this time, the δ 13C of 
atmospheric pCO2 decreased by only ∼0.1‰ (Eggleston et al., 2016). Therefore, we would expect a clear signal 
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in 𝐴𝐴
[

CO3
2−
]

 and little change in δ 13C, consistent with the results at 2,300 m. 
The initial decrease in 𝐴𝐴

[

CO3
2−
]

 at 2,300 m lags the shift in 𝐴𝐴
[

CO3
2−
]

 at 1,800 m 
by 3–5 kyr, suggesting that weakening of the AMOC first caused the anomaly 
at 1,800 m, followed by changes in preformed DIC at 2,300 m as atmospheric 
pCO2 rose.

Published evidence indicates the AMOC was suppressed for a longer, unin-
terrupted interval during TII, without the temporary recovery observed 
during TI. Sortable silt,  231Pa/ 230Th, and εNd data imply the AMOC remained 
weak throughout Heinrich Stadial 11 (Böhm et al., 2015; Deaney et al., 2017; 
Hodell et al., 2009). Several mechanisms have been proposed to explain the 
differences between TI and TII. Greater summertime insolation forcing during 
TII likely drove ice sheet melt and rapid sea level rise, contributing to greater 
freshwater forcing and a longer period of AMOC suppression (Carlson, 2008) 
(Figure 6). This may have been particularly important during the late stages 
of TII (Obase et al., 2021). In addition, a larger Eurasian ice sheet during the 
last interglacial period may have supplied additional meltwater at the begin-
ning of TII (Clark et  al.,  2020). AMOC collapse likely causes subsurface 
warming in the North Atlantic, which would destabilize grounding lines and 
ice shelves, causing more rapid ice sheet retreat (Alvarez-Solas et al., 2011; 
Clark et  al.,  2007, 2020; Marcott et  al.,  2011; Shaffer et  al.,  2004). Thus, 
sustained AMOC weakening during TII was likely due to a positive feedback 
between ocean circulation, ice shelf destabilization, and ice sheet melt.

Spatial patterns in 𝐴𝐴
[

CO3
2−
]

 within the Atlantic can also be used to assess 
AMOC behavior during TII. AMOC weakening results in greater accumula-
tion of respired carbon in the North Atlantic than the South Atlantic, a spatial 
gradient that can be detected using 𝐴𝐴

[

CO3
2−
]

 (Gu et al., 2021; Schmittner & 
Lund, 2015). During HS1, for example, 𝐴𝐴

[

CO3
2−
]

 decreased by 29 μmol/kg in 
the tropical North Atlantic and by approximately 22 μmol/kg at the Brazil 
Margin (Lacerra et al., 2017; Yu et al., 2010). Similarly, during TII, 𝐴𝐴

[

CO3
2−
]

 
in the tropical North Atlantic declined 34 μmol/kg (Yu et al., 2013), while 

the decline at the Brazil Margin was 26 μmol/kg. During both terminations, the North Atlantic 𝐴𝐴
[

CO3
2−
]

 change 
is ∼30% larger than at the Brazil Margin, consistent with the modeled spatial pattern of DIC anomalies in the 
Atlantic basin (Gu et al., 2021; Schmittner & Lund, 2015).

The preceding discussion assumes that DIC is the primary driver of the down-core 𝐴𝐴
[

CO3
2−
]

 variability. But 𝐴𝐴
[

CO3
2−
]

 
is also affected by alkalinity (𝐴𝐴

[

CO3
2−
]

≈ 0.6 ∗
(

ALK −
∑

CO2

)

 ) (Yu et al., 2016). Model simulations imply 
AMOC collapse causes an alkalinity response of approximately +20 μM/kg at the Brazil Margin, due to a more 
sluggish overturning and accumulation of [Ca 2+] from the hard tissue pump (Lacerra et al., 2017; Schmittner & 
Lund, 2015). Such a change would cause higher 𝐴𝐴

[

CO3
2−
]

 and result in an underestimate of the DIC signal. Rising 
sea level would facilitate carbonate deposition on shelves, which would decrease open ocean alkalinity and there-
fore 𝐴𝐴

[

CO3
2−
]

 . Carbonate deposition likely had little impact on the TI 𝐴𝐴
[

CO3
2−
]

 signal given that the majority of sea 
level rise occurred after HS1, but it may have been a factor during TII, when sea level rose by ∼80 m during the 
weakened AMOC interval of TII (Figure 6). Given that carbonate precipitation has little effect on the δ 13C of DIC 
(Maslin & Swann, 2006), the synchronous δ 13C anomalies would require a separate explanation. While we cannot 
rule out a sea level driver of the 𝐴𝐴

[

CO3
2−
]

 signal, the simpler explanation for coherent changes in 𝐴𝐴
[

CO3
2−
]

 and δ 13C 
is the accumulation of isotopically light respired carbon due to AMOC collapse.

4.2. Evidence for AMOC Weakening During the MIS 5 Deglaciations

Negative δ 13C and 𝐴𝐴
[

CO3
2−
]

 anomalies at 2,300 m indicate AMOC weakening occurred during the MIS 5d/c and 
5b/a transitions. The lack of paired δ 13C and 𝐴𝐴

[

CO3
2−
]

 anomalies at 1,800 m is most likely due to deepening of 
NSW during MIS 5. Vertical profiles of δ 13C from the Brazil Margin indicate the core of NSW deepened from 
∼1,800 m during MIS 6 to ∼2,500 m during MIS 5 (Shub et al., 2024), similar to the transition from MIS 2 
to MIS 1 (Figure 5). As a result, the core at 2,300 m would have been heavily influenced by NSW, allowing it 

Figure 5. Brazil Margin vertical δ 13C profiles for MIS 1 (Holocene), MIS 
2 (Last Glacial Maximum), MIS 4, and MIS 6. Circles represent the mean 
δ 13C for each time period, horizontal bars represent ±1σ uncertainty, vertical 
notches represent ±1SE. Data from Curry and Oppo (2005), Hoffman and 
Lund (2012), and Shub et al. (2024). Red circles note the depth of the two 
cores used in this study (shallower core is 79JPC, deeper core is 42JPC).
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to better capture changes in AMOC variability. The clear depth-sensitivity at the Brazil Margin highlights the 
importance of using multiple cores to assess the influence of NSW position on proxy time series.

While δ 13C and 𝐴𝐴
[

CO3
2−
]

 results at 1,800 m lack clear evidence for AMOC weakening during the MIS 5b/a transi-
tion, there is a negative δ 13C anomaly at this time. During the transition, benthic δ 13C shifted to lower values, but 
δ 13C remained low for the duration of MIS 5a (∼15 kyr), much longer than the MIS 5d/c and 5b/a δ 13C anomalies 
at 2,300 m (Figure 4). Low δ 13C values at 1,800 m during MIS 5a may have been caused by a slight deepening of 
NSW (Shub et al., 2024). In this scenario, we would also expect lower 𝐴𝐴

[

CO3
2−
]

 , however, which is not apparent in 
the record. Further work is needed to identify the cause of this apparent discrepancy, including detailed 𝐴𝐴

[

CO3
2−
]

 
records across a range of water depths. Despite the ambiguous MIS 5a data at 1,800 m, the δ 13C and 𝐴𝐴

[

CO3
2−
]

 

Figure 6. Comparison of records for Termination I (TI) (a)–(e) and Termination II (TII) (f)–(j). (a, f) June 21, 65°N 
insolation (Laskar et al., 2004; Tzedakis et al., 2017). (b, g) Relative sea level (Waelbroeck et al., 2002). (c, h) δ 13C at 
1,800 m at the Brazil Margin, with TI data from Tessin and Lund (2013) and TII data from this study. (d, i) 𝐴𝐴

[

CO3
2−
]

 derived 
from foraminiferal B/Ca at 1,800 m on the Brazil Margin, with TI data from Lacerra et al. (2017) and TII data from this study. 
(e, j)  231Pa/ 230Th from the Bermuda Rise, including data for TI (McManus et al., 2004) and TII (Böhm et al., 2015).
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results at 2,300 m, where the core of NSW was located during MIS 5, are consistent with AMOC weakening 
during the MIS 5d/c and MIS 5b/a transitions.

In addition to AMOC strength and watermass geometry, the 𝐴𝐴
[

CO3
2−
]

 records are also influenced by 
glacial-interglacial changes in atmospheric pCO2. After TII, when the AMOC presumably strengthened, the 
Brazil Margin 𝐴𝐴

[

CO3
2−
]

 records do not fully recover to pre-TII values (Figure 4). Persistently low 𝐴𝐴
[

CO3
2−
]

 was 
likely caused by higher atmospheric pCO2 during MIS 5e, which increases the preformed [DIC] of NSW. A simi-
lar pattern is observed during TI, when 𝐴𝐴

[

CO3
2−
]

 at 1,800 m and 2,100 m remained low into the early Holocene 
(Lacerra et al., 2017). The pattern following terminations is in contrast to the smaller deglaciations of MIS 5, 
where there is little delay in 𝐴𝐴

[

CO3
2−
]

 recovery. The difference is most likely due to the small increases in atmos-
pheric pCO2 of ∼10–20 ppm during MIS 5d/c and 5b/a, compared to the ∼90 ppm increase during TII (Figure 1) 
(Bereiter et al., 2015). Once AMOC recovers after smaller deglaciations, 𝐴𝐴

[

CO3
2−
]

 quickly returns to glacial values 
because there is little change in preformed [DIC].

4.3. Relationship Between Insolation and AMOC Weakening

It is well-known that changes in insolation pace deglaciations (Hays et al., 1976; Huybers & Wunsch, 2005). How 
the climate system translates insolation variability into the disintegration of Northern Hemisphere ice sheets is 
far less clear, however. If AMOC weakening plays a central role in deglaciations (Cheng et al., 2009, 2016), there 
should be a predictable relationship between insolation and proxies of AMOC strength. As shown in Figure 7, 
δ 13C anomalies at the Brazil Margin occur when the rate of change in boreal summertime insolation is highest. 
These results strongly indicate insolation paces deglaciations via the AMOC. We suggest that ice sheet meltwater 
forced AMOC weakening and the resulting sub-surface warming accelerated deglaciation through melting of ice 
shelves and destabilization of grounding lines. We refer to this positive feedback as the AMOC trigger, where 
initial AMOC weakening can drive the ice sheet disintegration through oceanic forcing.

If insolation-driven changes in AMOC strength are key drivers of deglaciation, why doesn't increasing boreal 
summertime insolation always result in a termination? The most likely explanation is that large ice sheets are 
required for the AMOC trigger to be effective. Several authors have suggested that the Laurentide Ice Sheet needs 
to be large in order to predispose it to collapse once insolation rises (Abe-Ouchi et al., 2013; Cheng et al., 2009; 
Eggleston et al., 2016; Parrenin & Paillard, 2003). Given the apparent feedback between AMOC weakening and 
ice sheet melt, larger and isostatically adjusted ice sheets with grounding lines and extended ice shelves may be 
necessary to pre-condition the climate system for terminations, making an ice sheet more vulnerable to collapse, 
thereby providing a larger, more sustained meltwater event to keep the AMOC suppressed. Consistent with this 
idea, we observe evidence for AMOC weakening during MIS 5d/c and 5b/a, yet the lack of large Northern Hemi-
sphere ice sheets likely limited the impact of the AMOC trigger mechanism, thereby preventing full ice sheet 
retreat.

Model results also indicate rising atmospheric pCO2 is required to reach a full termination (Shakun et al., 2012). 
One possibility is that AMOC weakening caused enhanced Southern Ocean upwelling and outgassing of CO2 
through a poleward shift in the Southern Hemisphere westerlies (Anderson et al., 2009) or through weakening of 
the biological pump (Hertzberg et al., 2016). In the latter case, simulated AMOC weakening reduces upwelling of 
nutrients to the surface ocean, which in turn reduces biological export of carbon, resulting in higher surface ocean 
and atmospheric pCO2 (Schmittner,  2005; Schmittner & Lund,  2015). The magnitude or duration of AMOC 
weakening required to trigger these feedbacks is unclear, but both may play a role in regulating atmospheric pCO2 
during terminations.

While passive tracers such as δ 13C and 𝐴𝐴
[

CO3
2−
]

 are unable to directly constrain AMOC strength, dynamical proxies 
can be used to assess relative changes in magnitude.  231Pa/ 230Th records for the last glacial cycle indicate AMOC 
collapse occurred near glacial maxima, with values approaching the production ratio (0.093) (Böhm et al., 2015; 
McManus et al., 2004). Smaller  231Pa/ 230Th anomalies during the MIS 5d/c and 5b/a transitions are consistent 
with AMOC weakening, but not a full collapse (Figure 7) (Böhm et al., 2015). The timing of  231Pa/ 230Th anoma-
lies is consistent with δ 13C anomalies at the Brazil Margin, providing additional evidence of AMOC weakening 
during each deglaciation of the last 150 ka. The positive shift in  231Pa/ 230Th at the MIS 4/3 transition also suggests 
this deglaciation was characterized by a weaker AMOC, consistent with the δ 13C anomaly at 1,800 m (Figure 7). 
The difference in magnitude of AMOC weakening between MIS 5 and glacial maxima supports the idea that large 
ice sheets are required for the AMOC trigger to effectively drive a full termination.
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The relationship between insolation and AMOC strength over the last 150 ka raises the question of whether a 
similar link occurs over longer timescales. Lisiecki et al. (2008) explored the relationship between Milankovitch 
forcing and Atlantic overturning using a compilation of δ 13C records from the Atlantic and Pacific spanning the 
last 425 ka. The strength/depth of NSW was inferred using the mixing ratio between NSW and Southern Source 
Water (SSW), or Δδ 13C, which was calculated by averaging North Atlantic records between 3,000 and 4,000 m 
and subtracting the average δ 13C of Pacific records (assumed to represent mean ocean δ 13C). Similar to our results 
from the Brazil Margin, Lisiecki et al. (2008) found that low Δδ 13C, or reduced NSW influence, coincided with 
maximum Milankovitch forcing in the precession band. But they also found that maximum obliquity forcing is 
associated with greater Δδ 13C (i.e., enhanced overturning), in contrast to earlier work that found a consistent 

Figure 7. Atlantic overturning circulation proxies compared to Northern Hemisphere summertime insolation and orbital parameters. (a) June 21 insolation at 65°N 
(dashed line) and rate of insolation change (solid line) (Laskar et al., 2004; Tzedakis et al., 2017). (b) Benthic δ 13C results from 1,800 to 2,300 m, plotted as a simple 
three-point running average. At 1,800 m, the 0–40 ka data is from core KNR159-5-78GGC, the companion gravity core to 79JPC which makes up the data from 50 to 
150 ka. (c)  231Pa/ 230Th at ∼4,500 m on the Bermuda Rise (Böhm et al., 2015; Lippold et al., 2009; McManus et al., 2004). Dashed line is the  231Pa/ 230Th production 
ratio (0.093). (d) Precession (esin(ω); thick line) and obliquity (degrees; thin line) (Laskar et al., 2004). Note right-hand y-axis is inverted so June perihelion is upwards. 
Gray vertical bars highlight negative δ 13C anomalies on deglaciations. Comparison with the caloric summer 65°N insolation curve (Tzedakis et al., 2017) yields the 
same temporal relationship between insolation and δ 13C.
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ocean circulation response in the precession and obliquity bands (Imbrie et al., 1992). Lisiecki (2014) extended 
the data compilation to 3 Ma and found similar results for the last 1.5 Ma. Here we suggest that high Δδ 13C asso-
ciated with obliquity maxima are due to deepening of NSW, which would enrich  13C in the 3,000–4,000 m depth 
range. At shallower sites (e.g., 1,800 m at the Brazil Margin), δ 13C minima occur during the obliquity maxima 
of TI and TII, implying that AMOC consistently weakens due to Milankovitch forcing in both the precession and 
obliquity bands (Figure 7). A full evaluation of AMOC response to insolation forcing will require longer time-
series partitioned into depth ranges that account for the change in water mass structure over glacial-interglacial 
cycles.

4.4. MIS 4

The Brazil Margin δ 13C and 𝐴𝐴
[

CO3
2−
]

 records indicate there was increased carbon storage in the deep Atlantic 
during MIS 4. At 2,300 m, large decreases in both 𝐴𝐴

[

CO3
2−
]

 and δ 13C during the MIS 5/4 transition are consistent 
with accumulation of respired carbon below 2 km water depth (Figure 4). The increase in 𝐴𝐴

[

CO3
2−
]

 at 1,800 m 
during the MIS 5/4 transition is in stark contrast to the results at 2,300 m. Shifting of nutrients and respired carbon 
from the intermediate to deep Atlantic could explain the opposing trends at 1,800 and 2,300 m (Boyle, 1988; Yu 
et al., 2013). The Brazil Margin δ 13C vertical profile for MIS 4 suggests the NSW/SSW boundary shoaled to 
∼2,000 m, the shallowest position of the last glacial cycle (Figure 5) (Shub et al., 2024). Widespread decreases 
in Atlantic δ 13C below 2,000 m imply there was reduced ventilation of abyssal Atlantic, perhaps due to displace-
ment of NSW by SSW (Kohfeld & Chase, 2017; Oliver et al., 2010). Results from the εNd tracer are consistent 
with greater influence of SSW in the deep South Atlantic (Piotrowski et al., 2005; Wilson et al., 2015), further 
highlighting the unique nature of MIS 4 in the Atlantic basin.

Several mechanisms have been proposed to explain the MIS 4 shift in deep ocean circulation. Northward migra-
tion of the Southern Hemisphere westerly winds may have decreased upwelling of deep waters in the South-
ern Ocean, enhancing carbon storage in the deep Atlantic (Toggweiler, 1999). Alternatively, decreased surface 
temperatures in the North Atlantic would have cooled NSW, which upon reaching the coast of Antarctica may 
have reduced melting of land ice, which would yield a colder, saltier deep SSW and enhanced stratification of the 
deep Atlantic (Adkins, 2013). Or expanded sea ice coverage in the Southern Ocean may have caused shoaling of 
the NSW/SSW boundary, which tends to reduce mixing between the two watermasses (Ferrari et al., 2014). A 
shoaled water mass boundary during the MIS 5/4 transition would allow the 2,300 m core site to be influenced by 
the “deep” waters which were presumably sequestering DIC, resulting in the large δ 13C and 𝐴𝐴

[

CO3
2−
]

 anomalies, 
while the shallower site continued to be influenced primarily by NSW.

Enhanced carbon storage in the deep Atlantic likely contributed to the large (∼40  ppm) decrease in atmos-
pheric pCO2 during the MIS 5/4 transition (Figure 1). Enhanced solubility of CO2 due to lower global mean 
SSTs (Kohfeld & Chase, 2017; Snyder, 2016) played a relatively small role in the atmospheric pCO2 drawdown 
(Shackleton et al., 2021). Accumulation of respired carbon and slower deep water ventilation likely explain the 
large δ 13C and 𝐴𝐴

[

CO3
2−
]

 changes at 2,300 m. Using the relationship 𝐴𝐴 DIC ≈ ALK −
[

CO3
2−
]

∕0.6 (Yu et al., 2016), 
the decrease in 𝐴𝐴

[

CO3
2−
]

 of 26 ± 6 μmol/kg at 2,300 m would equate to an increase in [DIC] of ∼43 μmol/kg. Large 
negative 𝐴𝐴

[

CO3
2−
]

 anomalies occurred in several deep (3,000–5,000 m) Atlantic sites at the MIS 5/4 transition (Yu 
et al., 2016) (Figure 8). Data from the deep Atlantic compilation imply [DIC] increased 42 ± 22 μmol/kg, similar 
to our estimate from the Brazil Margin. Yu et al. (2016) estimate that the deep Atlantic stored ∼86 ± 56% of the 
total CO2 drawdown across the MIS 5/4 transition. Our result from 2,300 m suggests this is a conservative esti-
mate, given that our site is located shallower in the water column. Thus, it appears that the deep Atlantic served 
as an important sink for atmospheric CO2 during the last glacial cycle, with the Brazil Margin records indicating 
carbon storage occurred below 2 km water depth.

Given that 𝐴𝐴
[

CO3
2−
]

 is affected by both [DIC] and alkalinity, it is important to consider whether alkalinity contrib-
uted to the MIS 5/4 𝐴𝐴

[

CO3
2−
]

 signal. Sea level decreased by ∼50  m during the MIS 5/4 transition (Spratt & 
Lisiecki, 2016; Waelbroeck et al., 2002), which would have decreased neritic carbonate production and led to 
higher oceanic alkalinity (Milliman, 1993). In addition, carbon sequestration in the deep Atlantic would have 
caused acidification and dissolution of seafloor calcium carbonate, resulting in a temporary imbalance between 
inputs and outputs of alkalinity to the ocean. Carbonate compensation would have worked to bring the system 
back to steady state by raising alkalinity through CaCO3 dissolution, thereby raising 𝐴𝐴

[

CO3
2−
]

 to its pre-perturbation 
levels, on a timescale of 5–7 kyr (Broecker & Peng, 1987; Sigman & Boyle, 2000; Yu et al., 2014, 2016). At 
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the Brazil Margin, 𝐴𝐴
[

CO3
2−
]

 at 2,300  m remained low throughout MIS 4, similar to the pattern in other deep 
Atlantic locations (Figure 8). Persistently low 𝐴𝐴

[

CO3
2−
]

 values suggest alkalinity had little impact on deep Atlantic 
𝐴𝐴

[

CO3
2−
]

 . The anticipated alkalinity signal may have been balanced by a reduction in riverine alkalinity flux or 
higher alkalinity in the Indo-Pacific (Yu et al., 2016). The alkalinity budget may have been partially balanced 
through changes in the upper Atlantic. At 1,800 m, we observe a ∼10 μmol/kg increase in 𝐴𝐴

[

CO3
2−
]

 during MIS 4 
(Figure 4), possibly due to a positive alkalinity response. An increase in ocean alkalinity due to CaCO3 dissolu-
tion would drive further atmospheric CO2 drawdown (Boyle, 1988). Additional 𝐴𝐴

[

CO3
2−
]

 records are necessary to 
verify whether the signal we observe at the Brazil Margin is representative of the entire upper Atlantic.

Results from the Brazil Margin are consistent with AMOC weakening across the MIS 4/3 deglaciation. At 
1,800 m, δ 13C decreased by 0.36‰ and 𝐴𝐴

[

CO3
2−
]

 decreased by 16 μmol/kg (Figure 4). Vertical profiles of δ 13C and 
δ 18O suggest the NSW/SSW boundary was located at approximately 2,000 m during MIS 4, its shallowest depth 

Figure 8. Reconstructions of 𝐴𝐴
[

CO3
2−
]

 across the MIS 5a-4-3 transitions at three Atlantic core sites. (a) 𝐴𝐴
[

CO3
2−
]

 record from 
2,300 m at the Brazil Margin (this study), (b) 3,500 m in the Northwest Atlantic (4°N, 43°W; Yu et al., 2016), and (c) and 
3,600 m in the Northeast Atlantic (39°N, 12.6°W; Yu et al., 2016). In each case, the data are presented as a simple three-point 
running average (solid line) with standard error (gray envelope). Approximate timing of marine isotope stages are shown at top.
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of the last glacial cycle (Shub et al., 2024) (Figure 5). We should therefore expect to see clear δ 13C and 𝐴𝐴
[

CO3
2−
]

 
anomalies at 1,800 m associated with AMOC collapse (Table 2). Higher  231Pa/ 230Th values near the end of MIS 
4 are also consistent with AMOC weakening during the MIS 4/3 deglaciation (Böhm et al., 2015) (Figure 7). 
The pronounced shifts in deep Atlantic circulation and carbon cycling that occurred during MIS 4 make it diffi-
cult to identify any signs of AMOC weakening at 2,300 m. There is a small but distinct decrease in δ 13C at the 
MIS 4/3 transition (Figure 4), but overall low background δ 13C values may have masked the full magnitude 
of any AMOC-related signal. Variability in the 𝐴𝐴

[

CO3
2−
]

 signal also precludes identification of clear anomalies 
(Figure 4). Furthermore, increased whole ocean alkalinity due to oceanic carbon uptake and acidification may 
also obscure any 𝐴𝐴

[

CO3
2−
]

 signal associated with AMOC variability. Overall, however, we believe the main reason 
for more pronounced δ 13C and 𝐴𝐴

[

CO3
2−
]

 anomalies at 1,800 m at the MIS 4/3 transition is shoaling of NSW during 
the preceding glacial interval, similar to the pattern during TII.

5. Conclusions
The cause of Pleistocene deglaciations remains poorly understood, highlighting our incomplete understanding 
of Earth's climate system. While it has long been known that insolation paces glacial-interglacial cycles (Hays 
et al., 1976; Imbrie et al., 1992), the exact mechanisms by which insolation drives disintegration of Northern 
Hemisphere ice sheets remain poorly constrained. One hypothesis is that insolation-driven melting of continental 
ice weakens the AMOC through freshwater forcing, which in turn causes sub-surface oceanic warming, thinning 
of ice shelves, and retreat of ice sheet grounding lines (Alvarez-Solas et al., 2011; Clark et al., 2020; Marcott 
et al., 2011). Evidence for AMOC weakening exists for the last two glacial terminations (Böhm et al., 2015; 
Lacerra et al., 2017; McManus et al., 2004; Oppo et al., 1997), when ice volume, sea level, and atmospheric CO2 
were at comparable levels (Bereiter et al., 2015; Lisiecki & Stern, 2016; Waelbroeck et al., 2002). But a key test of 
the AMOC-driver hypothesis is whether weakening occurred across a range of climate states, such as the smaller 
deglaciations of MIS 5.

Here we present reconstructions of AMOC variability for the last 150 ka, a time interval that includes glacial 
maxima (MIS 2 and 6) and intermediate glacial conditions (MIS 4, 5b and 5d). We infer AMOC strength using 
benthic foraminiferal estimates of δ 13C and 𝐴𝐴

[

CO3
2−
]

 from two cores at the Brazil Margin, located at 1,800 m and 
2,300 m water depth. We find evidence for negative δ 13C or 𝐴𝐴

[

CO3
2−
]

 anomalies during each deglaciation, which 
are most easily explained by AMOC weakening and accumulation of respired carbon in the mid-depth Atlantic 
(1,500–2,500 m) (Gu et al., 2021; Lacerra et al., 2017; Schmittner & Lund, 2015). The respired carbon signal 
varies with depth, with the shallower core showing the most pronounced anomalies during TI, TII, and the MIS 
4/3 deglaciation and the deeper core having larger anomalies during the MIS 5d/c and 5b/a deglaciations. The 
difference between the two sites reflects shoaling of NSW during glacial intervals (MIS 2, 4, and 6) and deep-
ening during the last interglacial interval (MIS 5). Combined with published  231Pa/ 230Th data from the North 
Atlantic (Böhm et al., 2015; McManus et al., 2004), our results highlight weakening of the AMOC during each 
deglaciation of the last 150 ka.

Our results indicate deglacial AMOC weakening occurred during a range of different boundary conditions, 
most likely due to increasing Northern Hemisphere summertime insolation and meltwater input to the North 
Atlantic. Prior studies based on deep Atlantic δ 13C records (2,300–4,000 m) found different phasing between 
maximum Milankovitch forcing and AMOC strength in the obliquity and precession bands (Lisiecki,  2014; 
Lisiecki et al., 2008). The δ 13C and 𝐴𝐴

[

CO3
2−
]

 records presented here suggest that the dynamic position of NSW 
on glacial-interglacial timescales cycles complicates the phasing between Milankovitch forcing and proxies of 
Atlantic overturning. Vertical profiles of δ 13C, δ 18O, and 𝐴𝐴

[

CO3
2−
]

 for the last glacial cycle are necessary to better 
constrain the position of NSW for MIS 1 to 6 and to evaluate the remineralized carbon signal at a range of water 
depths. Combined with longer records of δ 13C, it will be possible to fully assess AMOC response to orbital forc-
ing across a range of timescales.

Data Availability Statement
The Brazil Margin B/Ca data presented here are available from the National Oceanic and Atmospheric Admin-
istration's Paleoclimatolgy Data service (Garity & Lund, 2023). The Brazil Margin stable isotope data presented 
here are available from the National Oceanic and Atmospheric Administration's Paleoclimatolgy Data service 
(Shub et al., 2023).
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